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a b s t r a c t
Integral to understanding past and present seismotectonic activity in orogenic zones is whether any part
of the lower crust is weak enough to flow, since a weak zone at depth influences the style of deformation
that occurs. Thick crust such as found beneath the Tibetan Plateau and the Altiplano–Puna Plateau in
the Andes leads to elevated temperatures at depth, which potentially allows the lower crust to flow on
human time scales, as well as on the time scales of plateau formation and evolution. Here we use the
late postseismic response of the crust to large earthquakes as a tool for investigating rheological structure
beneath the Tibetan Plateau. Eighteen years (1992–2010) of InSAR data on the southern Tibetan Plateau
show a late postseismic relaxation response to two large earthquakes in 1951 and 1952. The relaxation
occurs throughout a thick viscoelastic lower crust and possibly extends into the upper mantle. The lower
crust has viscosity 6–10 × 1019 Pa s, with an associated Maxwell relaxation time of 63 years. Flow within
a thin mid-crustal channel can be ruled out. These late-stage postseismic observations represent the first
clear evidence of present-day lower crustal flow, and are consistent with geophysical evidence for fluidweakened lower crust across much of the Tibetan Plateau, as required by models of plateau formation.
Active deformation of continental plateaus in other parts of the world, notably the Altiplano–Puna Plateau
in South America, may also be strongly influenced by a weak lower crust.
© 2014 Elsevier B.V. All rights reserved.

1. Introduction
The structure of the Tibetan Plateau crust is of wide interest
because it is a major control on how the Plateau formed and how
it deforms today. Since the entire lithosphere is involved in the
tectonic deformation that leads to plateau building and seismic activity, geodynamic and earthquake cycle models require knowledge
of how mechanical properties vary with depth. Central to debates
about rheological structure is whether or not the lower crust is
weak enough to flow over geological time scales. Much geophysical evidence now suggests that the lower crust beneath Tibet is
weaker than typical continental crust, as reviewed by Klemperer
(2006). Most compellingly, magnetotelluric studies infer high conductivity at depth, which can be attributed to partial melts or
other fluids (Chen et al., 1996; Wei et al., 2001). Measurements
of anisotropy beneath Tibet imply that deformation has occurred
within an intracrustal weak layer over geological time (Shapiro et
al., 2004; Duret et al., 2010). Here we use the term “weak layer” simply to refer to a layer with notably lower viscosity than its
surroundings, without prescribing a specific viscosity for the layer.
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For the Andes, Husson and Sempere (2003) discuss how the Altiplano crust may have thickened due to lateral lower crustal flow
from the flanking Cordilleras. Yuan et al. (2000) interpreted a seismic low velocity zone beneath the Central Andes as a layer of
partial melt and ongoing metamorphism, and drew a direct comparison with the weak layer beneath the Tibetan Plateau, suggesting that such zones may play a fundamental part in continental
orogenesis. To date, however, the process of flow itself (as opposed
to mechanical properties that might allow it) has not been definitively imaged.
The occurrence of lower crustal flow would be supported by
solid evidence for the process of viscoelastic relaxation (VER),
whereby earthquake-induced stress changes are slowly relaxed by
solid-state flow. The ability of the lower crust to flow over decadal
time scales in response to earthquakes has two important implications: firstly, it means that interseismic strain may vary with
depth, which should be factored into earthquake cycle models; and
secondly, it raises the possibility that flow can also occur over
geological time scales, thus influencing the evolution of an entire orogenic zone. Several major Tibetan Plateau earthquakes have
been investigated for VER signatures. Strike-slip events tend to be
poor at distinguishing VER from afterslip (Ryder et al., 2007, 2011;
Wen et al., 2012). Although normal faults have a distinctive VER
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Fig. 1. ERS/Envisat rate maps. Inset shows location. Colours indicate line-of-sight (LOS) velocities for 1992–2010. Positive values indicate motion away from the satellite.
Topography is the Global Multi-Resolution Topography (GMRT) compilation (Ryan et al., 2009). Black/red lines are faults are from Styron et al. (2010). Red lines indicate 1951
and 1952 ruptures (Armijo et al., 1986, 1989). Yellow rectangles show coverage of SAR tracks. Long/short white arrows indicate satellite flight/look directions respectively.
(For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.)

signature, no evidence for VER has been found for moderate-sized
extensional events on the Plateau (Ryder et al., 2010; Bie et al.,
2014; Bie and Ryder, 2014).
To try and identify solid evidence for VER, we looked much further back in the seismic record than previous Tibet studies. We use
18 years (1992–2010) of radar data from the ERS and Envisat satellites to look for a postseismic signal from two major earthquakes
that occurred in 1951 and 1952 at the northern extremity of the
Yadong–Gulu rift. The first event was strike-slip (Tapponnier et al.,
1981; Armijo et al., 1989) and ruptured parallel strands of the Beng
Co Fault (Fig. 1). The second event was extensional and is thought
to have ruptured the east-dipping Gulu Fault (Armijo et al., 1986).
By focusing on (a) late-stage postseismic, and (b) a combination of
strike-slip and normal faults, any observed signal should indicate
VER decisively. Since the data cover the fifth and sixth postseismic
decades – by far the latest postseismic stage investigated for any
Tibetan event – any observed signal should be solely attributable
to VER, and not contaminated by shorter-lived processes such as
afterslip and poroelastic rebound. The focus in this study of late
postseismic deformation starts to bridge the gap between late interseismic and early postseismic studies, which on their own may
provide an incomplete picture of the earthquake cycle.
2. SAR data processing and rate map formation
We obtained SAR data from ERS and Envisat satellites on three
descending tracks covering the two faults: Track 176 (west), Track
405 (central) and Track 133 (east), with each track having at least
30 acquisitions. ERS scenes cover from 1992 to 2000, and Envisat scenes cover from 2003 to 2010. Only a handful of ascending
scenes were available, with limited time span, so we did not use
these data. We formed 250 interferograms (Table S1) using the
JPL/Caltech ROI_PAC software (Rosen et al., 2004). The coherence is
in general fairly good, except for the lakes and the snow-covered
Mount Nyainqentanglha. Baseline-time plots are shown for each
satellite and each track in Fig. S1. We removed the topographic
phase using the 3-arc-second DEM from the Shuttle Radar Topo-

graphy Mission (Farr and Kobrick, 2000). The interferograms were
unwrapped using a branch-cut method (Goldstein and Werner,
1998), and then we manually connected isolated patches by setting
bridges and fixed phase unwrapping errors using a phase closure
approach (Biggs et al., 2007).
Since the observed signal is expected to be small so late in
the postseismic period, we used the !-RATE software (Wang et
al., 2012) to estimate a velocity rate map (main text, Fig. 1) and
its associated uncertainties for each track. Using a network-based
approach (Biggs et al., 2007), we used planar models to mitigate long-wavelength effects in the interferograms due to imprecise orbits, and used a linear function to remove topographicallycorrelated atmospheric delay errors. Finally, a linear line-of-sight
(LOS) velocity and its uncertainty were estimated for each pixel
using an iterative weighted least-squares method.
The discrepancy in line-of-sight velocities between the rate
maps on overlapping tracks was calculated on a point-by-point basis. So that differences could be taken, the rate maps were first
resampled onto a master grid. The histogram in Fig. S2 shows
the distribution of discrepancies. The 16/84 percentiles of difference ("φ ) are 0.62/0.99 mm/yr for tracks 133 and 405, and
−0.58/1.24 mm/yr for tracks 405 and 176.
The mosaicked InSAR rate maps in Fig. 1 show average line-ofsight (LOS) velocities from 1992 to 2010. Two clear features are
seen:
(i) Tracks 176 and 405: change in sign across the Beng Co Fault,
from positive south of the fault to negative north of the fault.
This is equivalent to right-lateral motion, consistent with the
known sense of motion on the fault.
(ii) Tracks 405 and 133: negative range change east of the Gulu
Fault trace. The negative lobe may extend laterally into mountainous zones that are incoherent in the rate maps.
The two lobes on Track 176 terminate at ∼90.5 E, just beyond
the end of the 1951 rupture, rather than continuing to the western end of the Beng Co Fault, which suggests that the observed
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signal is transient and not interseismic. The peak-to-peak amplitude of the LOS velocities across the Beng Co Fault is ∼3 mm/yr,
equivalent to a right-lateral rate of 7.7 mm/yr. The two signals referred to above differ in detail between tracks. For instance, the
magnitude of the Gulu Fault negative lobe is slightly greater for
Track 405 compared to Track 133. The differences may result from
varying satellite look angle and orbital phase ramps.
3. Magnitude estimates for the 1951 and 1952 earthquakes
In order to model the viscoelastic response of the 1951 and
1952 earthquakes, estimates of source parameters are required.
Seismic moment is a key parameter, being directly related to fault
size and amount of slip. Since the earthquakes were recorded over
six decades ago, before standard techniques for calculating seismic moment and focal mechanism were established, magnitudes
are uncertain. We consulted papers to establish the range of likely
moment magnitudes. Chen and Molnar (1983) used long-period
surface wave spectral densities to compute the seismic moment for
the 1951 event. Making an assumption of combined right-lateral
strike-slip and normal faulting (i.e., a rake of −135◦ ) and a dip of
45◦ , they obtained a moment of 4.60 × 1020 N m. This is equivalent to Mw 7.7, as listed in the centennial catalogue of Engdahl and
Villaseñor (2002). Fieldwork in the area led to the association of
the strike-slip Beng Co Fault with the 1951 rupture (Armijo et al.,
1989). This information was used by Molnar and Qidong (1984) to
revise the previous moment estimate of Chen and Molnar (1983):
an assumption of pure strike-slip faulting gives a moment range
of 1.5 to 5 × 1020 N m. This is equivalent to a moment magnitude
(Mw ) range of 7.42 to 7.77. Note that this moment magnitude range
is lower than the often-cited surface wave magnitude (Ms ) value of
8.0 (Gutenberg and Richter, 1954).
The 1952 event has not been investigated to the same extent
as the 1951 event, and there are no moment estimates derived directly from seismic records. The magnitude was originally listed
as 7.5 (Gutenberg and Richter, 1954), but reconsideration of worksheets led to an Ms value of 7.6 (Abe, 1981). Values of moment
magnitude have been estimated from this Ms value using empirical
relationships (Pacheco and Sykes, 1992), yielding a seismic moment of 3.47 × 1020 N m (Ekström and Dziewonski, 1988), which is
equivalent to Mw 7.66. Inclusion of error bounds in the linear coeﬃcients of another empirical relationship (Scordillis, 2006) leads
to an Mw between 7.32 and 7.89. Given that the maximum normal
fault magnitude globally is 7.3 (Wells and Coppersmith, 1994), we
suspect that Mw for this extensional event is towards the lower
end of the stated range. The magnitudes of both earthquakes are
investigated further below.

Table 1
Summary of earthquake source parameters used in the viscoelastic modelling.

Latitudea
Longitudea
Length (km)
Strike
Dip
Rake
Top (km)
Bottom (km)
Slip (m)b

Beng Co 1

Beng Co 2

Beng Co 3

Gulu

31.044
91.465
30
125
90
180
0
10
6.3

31.197
91.203
30
125
90
180
0
10
12.6

31.358
90.950
30
125
90
180
0
10
6.3

30.795
91.536
40
10
60
−90
0
10
9 .6

a
Latitude and longitude refer to the centre of the fault trace of each fault segment.
b
Slip values given are those used once the earthquake magnitude sensitivity tests
had been carried out.

4.1. Solving for earthquake magnitudes
Given the earthquake magnitude uncertainties, we ran models to determine (i) the most likely magnitude combination, and
(ii) how magnitudes affect viscosity. For the Beng Co earthquake,
magnitude (MBeng Co ) was allowed to vary between 7.4 and 7.8, in
increments of 0.1. For the Gulu earthquake, magnitude (MGulu ) was
allowed to vary between 7.2 and 7.6, again in increments of 0.1.
The lower range was chosen for the Gulu event because the shorter
fault length and the extensional mechanism make it likely that its
magnitude was smaller than that of the Beng Co event. For each
combination of magnitudes, slip on the two faults was calculated
using the relationship M 0 = µu A, where M 0 is seismic moment,
µ is shear modulus, u is slip and A is area of the fault rupture.
For the Gulu Fault, uniform slip was assumed. A typical normal
fault dip of 60◦ is assumed, along with a depth extent of 0–10 km,
which gives a down-dip rupture width of 11.5 km. The Beng Co
rupture was modelled as three segments each 30 km long, on
which uniform slip occurs, with the middle segment slipping twice
as much as the flanking segments. This symmetrical distribution is
based on a field-derived slip model (Armijo et al., 1989). The rupture extends from the surface to a depth of 10 km, on a vertical
fault. Since the two fault strands are only ∼6 km apart where they
overlap, and any VER would occur well beneath this depth, we
choose not to model the two strands of the fault separately: instead, we model a single fault running through Beng Co lake. A
value for µ of 32 GPa is assumed.
For investigation of earthquake magnitudes, the Earth is simplified as an elastic upper layer overlying a Maxwell viscoelastic
half-space. For different magnitude combinations, LOS velocities
were computed over a range of viscosities, and the optimal viscosity for each magnitude pair was determined according to the
following equation:

RMS(d − m)

4. Viscoelastic modelling

NRMS =

To model VER we used the code VISCO1D, which computes displacements on a layered spherical Earth (Pollitz, 1997). The layers
vary in properties radially, and not laterally. Our primary aim is to
identify the depth, thickness and viscosity of any viscoelastic layers beneath the elastic upper crust. Preliminary tests indicated that
the viscosity of the weak layer must be at least 1 × 1019 Pa s, otherwise the modelled pattern of displacements has a much longer
wavelength and/or a very different pattern than that observed in
the InSAR rate maps (see Fig. S3 for an example). We varied the
viscosity of the weaker layer between 1 × 1019 and 1 × 1021 Pa s.
The rate map for each track was down-sampled by a factor of 9
on a regular grid, and displacements in the E–W, N–S and vertical directions are computed on the resulting grids, and converted
to line-of-sight surface velocities.

where d refers to the InSAR data and m refers to the model outputs. Normalised RMS is used to account for the large variation
in modelled displacements over the viscosity range. The models
tested are able to reproduce the first order features of the observed
InSAR rate maps: the negative lobe over the Gulu Fault, and the
positive/negative pair of lobes either side of the Beng Co Fault. The
lowest misfit was for a 15 km thick lid, with MBeng Co = 7.6 and
MGulu = 7.4. Over the magnitude space tested, viscosity varied by
less than half an order of magnitude, from 5 × 1019 to 1 × 1020 Pa s.

RMS(d) + RMS(m)

4.2. Rheological structure of the thick Tibetan crust
Having established the most likely magnitudes, we now investigate rheological structure. Slip values corresponding to the optimal
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Fig. 2. Schematic cross section through Tibetan lithosphere, showing the layered structures investigated in the modelling: (a) lid over half-space case; (b) lower crust case;
(c) thin layer case.

magnitudes are used (Table 1). Models are run with elastic lid
thicknesses H = 15, 20 and 30 km. Since the relaxation signal is
small, we do not attempt to finely resolve the thickness of the viscoelastic layer (h), but rather test three scenarios for the lower
crust: (1) a viscoelastic half-space (hereafter referred to as the “lid
over half-space scenario”); (2) a viscoelastic layer 20 km thick, underlain by elastic material (the “thin layer scenario”); and (3) a
viscoelastic layer extending down to the Moho, underlain by an
elastic upper mantle (the “lower crust scenario”). The three scenarios are illustrated in Fig. 2. Since the Moho is 75 km deep in this
area, it is diﬃcult to determine the viscosity of the upper mantle,
and so we do not attempt to constrain this explicitly.
Normalised root mean square (NRMS) misfit curves are shown
in Fig. 3(a). Misfit values are shown for viscosities between 1019
and 1021 Pa s. An example of the poor fit to the InSAR data for
lower viscosities is shown in Supplementary Fig. S3. For the lid
over half-space scenario (thick solid lines), the optimal fit is for
H = 15 km and a viscosity of 6 × 1019 Pa s, for which the NRMS
is 0.33. Monte Carlo analysis using 100 datasets perturbed with
correlated noise yielded viscosities as follows: 73% at 6 × 1019 Pa s,
and 27% at 5 × 1019 Pa s. The uncertainty in viscosity is thus
smaller than that resulting from unknown earthquake magnitudes.
Minimum NRMS values when H > 15 km are up to a few percent
greater than the optimal case, and the viscosity decreases slightly.
For the thin layer scenario (thin dashed lines), the minimum
misfit is 0.45, for which H is again 15 km, though the viscosity of
2 × 1019 Pa s is not well constrained. For the lower crust scenario,
the results fall between the two previous scenarios. One representative curve (orange line in Fig. 3) is shown, for the case when
H = 30 km and h = 45 km. Overall, the minimum NRMS is 0.38,
when H = 15 km and the viscosity is 6 × 1019 Pa s. Modelling results are summarised in Table 2.
Observed, modelled and residual rate maps are shown in
Fig. 3(b)–(d) for the lid over half-space scenario, and in Supplementary Figs. S4 to S6 for all three scenarios. Modelled velocities
are slightly under-predicted for Track 176 and over-predicted for
Track 133. Some discrepancy may arise from uncertainty in earthquake magnitudes. Viscosity may also vary slightly within the
study area, but trade-offs between earthquake magnitude and viscosity preclude attempts to resolve lateral variations. As suggested
by the conductivity profile shown in Chen et al. (1996) along

Table 2
Summary of viscoelastic modelling results. NRMS is normalised root mean square
misfit.
Model

Optimal lid
thickness
(km)

Viscosity
(Pa s)

NRMS

Lid over half-space
Thin layer
Lower crust

15
15
15

6 × 1019 (Half-space)
2 × 1019 (Layer)
6 × 1019 (Lower crust)

0.33
0.45
0.38

INDEPTH line 200 (their Fig. 2), upper crustal thickness may also
vary within the study area. The assumption of uniform as opposed
to variable slip on fault segments is another source of residual.
Furthermore, a small amount of interseismic deformation may be
superimposed on the postseismic signal, which could slightly alter
the viscosity values obtained. Interseismic slip rates are not well
constrained, but are discussed in the Discussion, and a first order
model of interseismic surface deformation is presented.
To summarise the modelling results, we conclude that, under an
assumption of a Maxwell viscoelastic rheology: (1) the InSAR data
clearly indicate postseismic viscoelastic stress relaxation; (2) relaxation occurred in the lower crust, and possibly the upper mantle;
(3) a thin viscoelastic layer within the lower crust is not favoured;
(4) the viscosity of the lower crust is 6 × 1019 Pa s (5–10 × 1019 Pa s
if earthquake magnitude uncertainties are taken into account). The
Maxwell relaxation time associated with this viscosity is 63 years.
5. Discussion
5.1. Depth extents of weak layer
In this study we have used earthquakes in the middle of
last century to probe deep into the Earth’s crust beneath the
Tibetan Plateau. By examining the surface deformation that occurred several decades after the earthquakes themselves, we can
infer that the crust is still responding to these major events. This
means that some part of the crust must be weak and ductile.
We can rule out a weak zone restricted only to the mantle, because the wavelength of the observed deformation is of the order of 40 km (peak-to-peak across the Beng Co Fault), indicating
an intra-crustal driving source. The upper depth of this driving
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Fig. 3. (a) NRMS misfit curves. Thick solid lines represent the lid over half-space scenario, while dashed lines represent the thin layer scenario. The orange and black lines
refer to two particular cases of the lower crust scenario. In legend, H is thickness of upper elastic layer, h denotes thickness of finite viscoelastic layer, and HS denotes
viscoelastic half-space. (b) Observed, (c) modelled and (d) residual displacements for the optimal case in the lid over half-space scenario. (For interpretation of the references
to color in this figure legend, the reader is referred to the web version of this article.)

source is constrained by the InSAR signal to be <30 km, which
we note is lower than the upper crustal thickness of 25–60 km
used in some modelling studies (e.g., Clark and Royden, 2000;
Shen et al., 2001). Since the Moho is at 75 km depth in our study
area, we cannot finely resolve the viscosity of the upper mantle,
but we suggest that the upper mantle may be as strong as or
stronger than the lower crust. Thus, viscoelastic relaxation may extend into the upper mantle, or it may be confined to the lower
crust, depending on the viscosity contrast between the two.
5.2. Coupling vs. decoupling
The depth–strength profile of the lithosphere has implications
for whether the upper crust and upper mantle are mechanically
coupled, and thus for the style of deformation over geological time
– for instance, whether “triangular” mountain belts or flat-topped
plateaus evolve (Royden, 1996; Shen et al., 2001). If the lower
crust is substantially weaker than the upper crust, it will decouple the motions of the upper crust and upper mantle. In contrast,
a strong lower crust will couple the motions of the upper crust
and upper mantle. Royden (1996) and Shen et al. (2001) both
provide a clear discussion of coupling/decoupling styles, and in-

fer from numerical modelling that decoupling occurs within the
interior of the Tibetan Plateau as a result of a weak layer within
the lower crust. Royden (1996) highlights that the development
of a flat-topped plateau with steep margins – such as the Tibetan
Plateau – requires not only a weak lower crustal layer, but specifically one that formed during convergence, rather than pre-dating
convergence. As pointed out by Royden (1996), there is not an
abundance of direct evidence for this weak lower crustal layer.
Flesch et al. (2005) consider coupling/decoupling from a different
point of view, comparing different observational datasets (geology,
GPS, shear wave splitting) to infer vertically coherent deformation, and therefore upper crust/upper mantle coupling within the
Tibetan Plateau interior. However, an alternative explanation for
such correlative datasets is that upper crust and upper mantle are
simply driven by very similar boundary conditions (Holt, 2000).
Our InSAR study of late-stage postseismic motion in fact provides
evidence for a weak lower crust, via surface deformation resulting from weakness at depth. However, when considering coupling
versus non-coupling, a natural question is: how weak is weak?
In other words, how low does the viscosity of the lower crust
need to be in order to decouple upper crust from upper mantle?
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infer a viscosity between 3.5 × 1020 and 3 × 1021 Pa s for granitic
melt in the lower crust, and between 3.5 × 1018 and 1.5 × 1021 Pa s
for aplitic melt. Our InSAR-derived value is thus consistent with
the conductance results under an assumption of aplitic lower crust.
5.4. Validation of previous viscosity estimates from early-stage
postseismic studies

Fig. 4. Curve of viscosity against layer thickness, scaled from values given in Clark
and Royden (2000) using their Eq. (4). For a model containing a viscoelastic layer
h km thick and with viscosity η Pa s, the ratio is h3 /η is constant. The curve was
therefore calculated by taking the thickness and viscosity values of 15 km and
1018 Pa s stated by Clark and Royden (2000), and scaling them using the equation.

5.3. Viscosity of weak layer
The range of viscosities used/inferred for “weak” zones in modelling papers is very large – from <1016 up to 1022 Pa s (e.g.,
Masek et al., 1994; Clark and Royden, 2000; Shen et al., 2001).
In spite of this large range, we note that the optimal viscosity
(6 × 1019 Pa s) inferred from our InSAR data is almost exactly the
value one would obtain by using the scaling relationship in the
geodynamic modelling study of Clark and Royden (2000). For a
layer thickness (h) of 15 km, their model requires a viscosity (η )
of 1018 Pa s, but they point out that since h3 /η is constant (their
Eq. (4)), the layer could be thicker and the viscosity higher. Although they used a thicker upper crust than we find (15 km),
we used this scaling relationship to produce a curve of viscosity
against viscoelastic layer thickness (Fig. 4). For our optimal value of
viscoelastic layer thickness (60 km), the viscosity from the curve is
6.4 × 1019 Pa s, which is almost exactly our optimal viscosity value.
Thus, our Newtonian viscoelastic model of decadal postseismic relaxation is consistent with a Newtonian viscous model of Plateau
evolution over geological time scales. Our viscosity is also consistent with the geological model-derived estimates of ∼1 × 1020 Pa s
of Copley and McKenzie (2007) and Bendick and Flesch (2007). An
example of consistency with a recent independent geodetic dataset
comes from comparison with the viscosity estimates of England
et al. (2013), who examined paleoshorelines of major lakes in
southern Tibet. The horizontality of these paleoshorelines is best
explained by a weak mid to lower crust with a lower-bound viscosity of 1019 to 1020 Pa s. As reviewed by Klemperer (2006), various
geophysical datasets including measurements of seismic velocity,
attenuation, reflectivity and conductivity have led to the conclusion of a weak lower crust beneath much of the Tibetan Plateau.
An example that is geographically most relevant to our study is
the synthesis paper of Nelson et al. (1996), which discusses seismic, magnetotelluric and geological evidence for a partially molten
mid crust in the Lhasa terrane, including the Damxung graben just
south of our study area. We also draw attention to the results of a
study by Rippe and Unsworth (2010) that attempts to derive viscosity estimates from measurements of crustal conductance, via
calculated curves relating conductance and effective viscosity. From
measurements along INDEPTH profile 500, which runs very close
to our study area at its northern end, Rippe and Unsworth (2010)

Several studies have investigated early-stage postseismic deformation following large earthquakes in the interior of the Tibetan
Plateau, with the aim of inferring rheological structure. Most of
these studies have generally been subject to two major shortcomings: (i) in the case of strike-slip earthquakes, there has been
ambiguity between afterslip and viscoelastic relaxation, with the
expected surface deformation field being similar for both (Ryder
et al., 2007; Wen et al., 2012); (ii) in the case of normal faulting
earthquakes, no viscoelastic signal has actually been observed, and
so only lower bounds have been able to be placed on mid/lower
crustal viscosity (Ryder et al., 2010; Bie et al., 2014). While the
lower bounds estimated from extensional events are valuable, the
larger strike-slip events are more useful, provided we can have
confidence that the observed signal does actually (to some degree) represent viscoelastic relaxation. Our late-stage postseismic
investigation in the northern Yadong–Gulu rift has revealed a viscoelastic relaxation signal that cannot be confused with afterslip,
since the surface displacement over the normal fault has the opposite sign to what would be expected from afterslip – which
anyway would be expected to have run its course decades previously. As a result, we can be sure that we are observing the effects
of viscoelastic relaxation, which makes it plausible that for early
postseismic studies of similar-sized earthquakes (Manyi, 1997;
Kokoxili, 2001), viscoelastic relaxation also occurred. Estimates of
viscosity obtained in these studies are therefore validated to some
degree by the present study, although care must be taken to consider how a possible contribution from afterslip affects results.
Yamasaki and Houseman (2012) made an assumption that the
change in gradient of the postseismic InSAR signal ∼165 days after
the Manyi earthquake was due to cessation of afterslip, and therefore only considered subsequent deformation for their modelling
of viscoelastic relaxation. They inferred a decrease in Maxwell viscosity with depth, from 1.2 × 1021 Pa s at the top of the lower
crust to 1.6 × 1018 Pa s at the bottom of the crust. Our value of
6 × 1019 Pa s falls within this range, and indeed we think it plausible that viscosity decreases with depth. DeVries and Meade (2013)
took a different approach to estimating rheological structure in
the northern Tibetan Plateau. For the Manyi and Kokoxili earthquakes, they considered both preseismic and postseismic velocities
derived from geodesy, and attempted to come up with a unified
lithospheric model that explained both datasets. Their main argument is that a thin (<20 km thick) viscoelastic layer is required
to adequately model both preseismic and postseismic velocities. A
two-layer model (perhaps approximating a thick viscoelastic layer)
requires the preseismic viscosity to be significantly greater than
the postseismic viscosity. However, unlike Yamasaki and Houseman
(2012) and our present study, DeVries and Meade (2013) include
the immediate postseismic phase (<1 year) in their analysis. If this
early phase contains a contribution from afterslip, then inferred
viscosities will be lower than if only a later phase had been sampled. Considering only this later phase could mean that preseismic
and postseismic viscosities are more in agreement in a two-layer
(thick crust) model.
5.5. Interseismic signature
In view of the long time that has passed since the earthquakes,
and the modest amplitude of the deformation signal, it is instruc-
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Fig. 5. First-order model of interseismic surface motion projected into the ERS/Envisat descending line-of-sight direction. The origin is taken to be the centre of the Beng Co
Fault. Slip rates used in the model are taken from: Armijo et al. (1986, 1989), Hollingsworth et al. (2010), Garthwaite et al. (2013).

tive to run models of interseismic displacement for the Beng Co
and Gulu Faults, to see how they compare to the InSAR dataset.
Various studies have considered interseismic slip rate for the Beng
Co and Gulu Faults (Armijo et al., 1986, 1989; Hollingsworth et al.,
2010; Garthwaite et al., 2013). The key results from these studies
are described in the Supplement.
Given the uncertainties on slip rates, and on fault geometry at
depth, we run a simple model of interseismic slip to indicate the
general pattern and magnitude of surface deformation expected.
Interseismic slip is assumed to occur on an extension of both faults
at depth, and otherwise the fault parameters are the same as in
the seismogenic layer (Table 1). As can be seen from Fig. 5, if there
is any component of interseismic motion contributing to the rate
maps, it would have the same sense of motion as the postseismic signal for the Beng Co Fault, but longer wavelength. For the
Gulu Fault, the interseismic line-of-sight pattern looks very different from the postseismic pattern, with a lobe of positive range
change east of the fault, rather than a negative lobe over the fault
as measured by InSAR. It is really the signal associated with the
Gulu Fault that confirms for us that we are primarily observing
postseismic viscoelastic relaxation rather than interseismic creep
on a localised shear zone. Nonetheless, a small-magnitude interseismic signal could account for the slight under-prediction of displacements by our model for the Beng Co Fault and the slight
over-prediction for the Gulu Fault. The contribution of some interseismic motion would make our viscosity estimate an upper
bound.
5.6. Comparison with the Altiplano–Puna Plateau
Of all the plateau regions of the world, the most similar to
the Tibetan Plateau in terms of elevation and crustal thickness is
the Altiplano–Puna Plateau in the Andes. It is therefore of interest to consider whether there is evidence for a weak lower crust
there, as we have inferred for Tibet. Yuan et al. (2000) used Pto-S converted seismic phases to image lithospheric structure in
the Central Andes. They modelled their receiver functions with
a 10–20 km-thick low velocity zone within the crust, interpreting this zone as being due to ongoing metamorphism and partial
melting. Husson and Sempere (2003) used numerical modelling to
try and explain the formation of the Altiplano, including presentday topography. Consistent with the seismic results of Yuan et

al. (2000), their optimal model features a weak zone within the
crust. For a 15 km-thick weak zone, viscosity is estimated to decrease from 2 × 1020 Pa s at the top of the zone to 8 × 1018 Pa s
at the bottom. Since h3 /η is constant, making the weak zone
thicker shifts the viscosity range higher, as illustrated for Tibet
(Fig. 4). For example, for a 20 km-thick weak zone, the viscosity range shifts upwards to 9.5 × 1020 –1.9 × 1019 Pa s. We note
that both stated ranges encompass the viscosity value we find
for the lower crust of Tibet. The crustal rheological structure in
the Tibetan and Andean Plateaus would not be expected to be
identical, given the differences in type of margin, geometry and
age. Nonetheless, it is clear that there are similarities between
the two environments, including possible comparable viscosities in
a weak lower crustal zone. Other plateaus in the world, despite
having lower average elevations and crustal thicknesses, may also
share structural and rheological attributes with the Tibetan and
Altiplano–Puna Plateaus. For instance, Saunders et al. (1998) found
possible evidence in receiver function data for a low velocity zone
a few kilometres thick beneath the western Anatolian Plateau in
Turkey.
6. Summary
Our study is the first to clearly observe present-day lower
crustal flow occurring in the Tibetan lower crust. While various
geophysical datasets have strongly suggested the presence of partials melts in the lower crust, the actual act of flow itself had
not been observed unequivocally. Our results therefore constitute
strong evidence in support of inferences from the geodynamic
modelling community of a weak lower crust – evidence that had
hitherto been lacking. More specifically, from the InSAR data we
infer that postseismic viscoelastic relaxation following the 1951
and 1952 earthquakes in the Yadong–Gulu rift occurred right up
to the period 1992–2010. This relaxation occurred in a viscoelastic
lower crust with viscosity 5–10 × 1019 Pa s. Relaxation may or may
not have extended into the upper mantle. The data do not support
the presence of a thin (20 km-thick) weak zone within the crust.
A similar rheological environment likely exists beneath the Andean
Altiplano–Puna Plateau, where evidence exists for an intracrustal
weak layer. Other plateaus in the world, though of lower elevation
and crustal thickness, may also contain weak zones that influence
their tectonic deformation.
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